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ABSTRACT: Paleoproxy observations suggest that deep-ocean water-mass distributions were different at the Last Glacial

Maximum than they are today. However, even modern deep-ocean water-mass distributions are not completely explained

by observations of the modern ocean circulation. This paper investigates two processes that influence deep-ocean water-

mass distributions: 1) interior downwelling caused by vertical mixing that increases in the downward direction and

2) isopycnal mixing. Passive tracers are used to assess how changes in the circulation and in the isopycnal-mixing coefficient

impact deep-oceanwater-mass distributions in an idealized two-basinmodel.We compare two circulations, one inwhich the

upper cell of the overturning reaches to 4000-m depth and one in which it shoals to 2500-m depth. Previous work suggests

that in the latter case the upper cell and the abyssal cell of the overturning are separate structures. Nonetheless, high

concentrations of North Atlantic Water (NAW) are found in our model’s abyssal cell: these tracers are advected into the

abyssal cell by interior downwelling caused by our vertical mixing profile, which increases in the downward direction.

Further experiments suggest that theNAWconcentration in the deep SouthAtlanticOcean and in the deep PacificOcean is

influenced by the isopycnal-mixing coefficient in the top 2000m of the Southern Ocean. Both the strength and the vertical

profile of isopycnal mixing are important for setting deep-ocean tracer concentrations. A 1D advection–diffusion model

elucidates how NAW concentration depends on advective and diffusive processes.
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1. Introduction

Ocean water-mass distributions are influenced by the

large-scale ocean circulation, isopycnal and diapycnal mixing.

This paper explores how each of these mechanisms affects

deep-ocean water-mass distributions, with a focus on com-

paring scenarios representative of the modern ocean and the

Last Glacial Maximum (LGM). In this introduction, we

summarize current understanding of the processes that de-

termine deep-ocean water-mass distributions during these

two time periods and show some places where there are gaps

in this understanding.

Themodern ocean overturning circulation is often described

as a figure-eight loop, in which North Atlantic Deep Water

(NADW) is formed in the North Atlantic Ocean, flows

southward in the deep Atlantic, and upwells in the Southern

Ocean, where it is ventilated at the surface, gaining new water-

mass characteristics before it sinks to form Antarctic Bottom

Water (AABW). This AABW flows northward in the abyssal

Pacific Ocean before surfacing and returning to the North

Atlantic at surface and intermediate depths (Talley 2013).

A variety of proxy measurements indicate that the fraction

of water in the deep Atlantic that originated at the surface of

the North Atlantic was reduced at the LGM (Lynch-Stieglitz

et al. 2007; Curry and Oppo 2005; Gebbie 2014; Howe et al.

2016; Oppo et al. 2018). Adkins (2013) and Ferrari et al. (2014)

suggested that the maximum depth of North Atlantic Water

(NAW) shoaled during the LGM and that the figure-eight loop

associated with the modern overturning circulation was split

into two largely unconnected cells: an upper cell that com-

prised sinking in the North Atlantic and upwelling elsewhere,

and an abyssal cell that comprised sinking in the Southern

Ocean and upwelling elsewhere.

Marzocchi and Jansen (2019) found that, in a single-basin

ocean model, the abyssal cell of the overturning was more

isolated under global atmospheric cooling, both because shoal-

ing of the interface between the upper and abyssal cells leads to a

weaker downward mixing of North Atlantic Water and because

increased sea ice around Antarctica inhibits air–sea gas ex-

change (Stephens and Keeling 2000). Increased isolation of the

abyssal cell leads to more carbon storage in the deep ocean,

which is one possible cause of reduced atmosphericCO2 levels at

the LGM (Watson et al. 2015; Ferreira et al. 2018; Nadeau et al.

2019; Marzocchi and Jansen 2019).

Not all models agree that the upper cell shoaled at the LGM.

Sun et al. (2018) showed that diapycnal mixing in the Southern

Ocean reduces the influence of Southern Ocean buoyancy

forcing on isopycnal depth in the Atlantic basin. Additionally,

because the mean sea level was lower at the LGM, increased

tidal dissipation may have boosted diapycnal mixing, which

may actually cause North Atlantic Water to sink to deeper

depths in the North Atlantic (Wilmes et al. 2019).

Based on proxy observations, it is unclear how isolated

the abyssal cell became at the LGM. The nonconservative

nature of nutrient-based tracers (e.g., d13C) leads to uncer-

tainty in these proxy estimates of the fraction of North Atlantic

Water in the deep Atlantic Ocean during the LGM. Using
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neodymium isotopes, which are independent of biological

processes, Howe et al. (2016) found only a modest reduction in

the amount of North AtlanticWater in the deep Atlantic at the

LGM: this is consistent with more recent nutrient-based esti-

mates by Gebbie (2014) and Oppo et al. (2018) that use multi-

ple tracers to reduce uncertainties.

Previous work that assumed the two overturning cells were

separated at the LGM did not examine mechanisms for North

Atlantic Water to reach the abyssal cell. One possible way for

North Atlantic Water to enter the abyssal ocean is through

interior downwelling. Ferrari et al. (2016) recently found that,

for a profile of vertical diffusivity that increases toward the

bottom of the ocean, consistent with modern observational

estimates (St. Laurent et al. 2012; Waterman et al. 2013;

Waterhouse et al. 2014; Kunze 2017b), interior mixing drives

downwelling across density surfaces. Ferrari et al. (2016) showed

that this downwelling is compensated by upwelling at the same

depth in the topographic boundary layer. Using hydrographic

observations of the modern ocean, Kunze (2017a) inferred

downward diapycnal velocities between NADW and AABW in

the modern Atlantic ocean. How North Atlantic Water reaches

the deep ocean is not well understood, and it is unclear whether

interior downwelling is an important pathway for tracers to enter

the deep ocean below 2000m (Mashayek et al. 2017).

Isopycnal mixing also influences deep-ocean tracer concen-

trations. Mesoscale eddies, which have scales of about 100 km,

are not resolved in coarse-resolution ocean and climate models,

which usually have resolutions of around 18. Instead, the

subgrid-scale eddy tracer fluxes are represented using the Gent

and McWilliams (1990) and Redi (1982) schemes. The Redi

(1982) scheme parameterizes the diffusive part of eddy trans-

port using a diffusion operator that acts in the isopycnal

direction, multiplied by an isopycnal-mixing coefficient.

Observational studies give a wide range of values for this

isopycnal-mixing coefficient, from10 to 10000m2 s21 (Groeskamp

et al. 2017; Armi and Stommel 1983; Ledwell et al. 1998; Garabato

et al. 2007; Tulloch et al. 2014; Lumpkin and Speer 2007; Cole et al.

2015; Roach et al. 2018; Rudnickas et al. 2019). This wide range

of values is partly caused by regional variations in the strength

of isopycnal mixing, but the size of the isopycnal-mixing co-

efficient is still very uncertain.

Isopycnal mixing has a strong influence on ocean tracer dis-

tributions (Trossman et al. 2012; Abernathey and Ferreira 2015;

Gnanadesikan et al. 2015; Burke et al. 2015; Kamenkovich et al.

2017; Jones and Abernathey 2019; Ragen et al. 2020; Pavia et al.

2020). In a high-resolution model of the Southern Ocean,

Abernathey and Ferreira (2015) showed stronger winds drive

stronger eddies, leading to more isopycnal mixing. Some evi-

dence suggests that winds over the Southern Ocean were more

powerful at the LGM than they are today, and that the southern

westerly wind jetmay have shifted northward or southward from

its current position (Stuut et al. 2002; Kim et al. 2003; Kohfeld

et al. 2013; Gottschalk et al. 2019). Climate models from the

Paleoclimate Modeling Intercomparison Project (PMIP) do not

consistently show such a change. PMIPmodels showamaximum

increase in wind strength of about 40%, but do not rule outmore

extremewind changes at the LGM(Sime et al. 2013; Rojas 2013;

Sime et al. 2016).

If Southern Ocean winds were stronger at the LGM, iso-

pycnal mixing in the Southern Ocean may also have been

stronger. Research that interprets proxy observations of LGM

tracer distributions typically neglects this possibility, focusing

on changes in the ocean circulation at the LGM. Ocean ob-

servations suggest that the isopycnal mixing coefficient is

higher in the surface ocean than in the deep ocean (Cole et al.

2015; Roach et al. 2018), andmodeling shows that the isopycnal

mixing coefficient in the top 2000m is sensitive to wind stress

(Abernathey and Ferreira 2015).

The studies above indicate that the overturning circulation,

diapycnal mixing, and interior isopycnal mixing may help de-

termine the composition of deep waters. But there is no clear

consensus on the relative importance of the different mecha-

nisms, nor how they changed between the modern and LGM

oceans. To address this gap in knowledge, here we study the

problem using idealized simulations and, where possible, a

simple theoretical model. We hope that our results will enable

more complete interpretation of LGM paleoproxy measure-

ments in the future.

2. 3D primitive equation model

In this section, we assess how changes to the circulation and

to the isopycnal-mixing coefficient affect deep-ocean tracer

distributions, by varying these properties in a 3D primitive

equation model. The idealized geometry of the model enables

us to characterize individual transport processes more easily.

Using this model, we examine the pathways of North Atlantic

Water in two different circulation regimes and investigate the

effects of vertical variations in the isopycnal-mixing coefficient

on tracer distributions.

The Massachusetts Institute of Technology general circu-

lation model (MITgcm; Marshall et al. 1997) is configured to

model the global ocean in an idealized-geometry two-basin

domain like the one used in Jones and Abernathey (2019). It

is a spherical sector, with 18 resolution, that spans from 708S to
708N and 2108 in longitude. Two one-gridpoint-wide conti-

nents, which run in the meridional direction, divide the do-

main into a narrow basin that represents the Atlantic and a

wide basin that represents the Pacific. The continent to the

west of the Atlantic basin, which represents the Americas,

runs from 52.58S to 708N. South of this continent is a ridge of

height 1333m and a short wall that represents the Antarctic

Peninsula and extends from 708 to 658S. The continent to the

east of the Atlantic, which represents Africa/Asia, extends

from 358S to 708N. A Mercator projection of the domain is

shown in Fig. 1d. The domain was chosen for its simplicity,

which allows the model to capture the main features of the

meridional overturning circulation without the complexities

associated with detailed topography and enables easy com-

parison with the 1D advection–diffusion model described in

section 4.

Except in the crosshatched area near the southern boundary

in Fig. 1d, the model is forced at the surface with zonally uni-

form zonal wind stress, temperature relaxation and freshwater

flux, which are shown in Figs. 1a–c. Even though this forcing is

zonally uniform, deep water is formed in the North Atlantic
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and not in the North Pacific, as detailed in Jones and

Cessi (2017).

In the crosshatched area, the freshwater flux has a uniform

value of 22 3 1027m s21 for the modern ocean, and the tem-

perature is relaxed to 08C. This high negative freshwater flux

represents brine rejection, and the crosshatched area repre-

sents a coastal polynya. In some experiments, the freshwater

flux in this area is reduced to 22.4 3 1026m s21 to achieve a

shoaled-upper-cell (SUC) circulation similar to that described

by Ferrari et al. (2014).1 A small constant is added to the

freshwater flux to ensure that the net freshwater flux into the

whole domain is zero.

We choose a linear equation of state, which enables clear

attribution of the vertical velocities described later in the pa-

per. The buoyancy b is given by

b5 g[aT2b(S2S
ref
)] , (1)

where a5 23 10248C21, b5 7.43 1024, g5 9.81m2 s21, and

Sref5 35. Salinity S is given on the practical salinity scale and is

therefore presented without units. Temperature T is in degrees

Celsius. The Gent–McWilliams coefficient is set to 500m2 s21

in all simulations.

Our experiments use a vertical diffusivity profile of

k5 k
y
1 fk

deep
1 k

abyss
[102(z14000)/2000]g

3

�
12 tanh

�
z1 2000

200

��
2

1 1022

�
11 tanh

�
z1 30

30

��
2

.

(2)

This represents a high-diffusivity mixed layer above 30-m

depth, below which the vertical diffusivity tapers to ky, in-

creasing to kdeep1 ky at 2000m and kabyss1 kdeep1 ky near the

bottom. For temperature and salinity, ky 5 2 3 1025m2 s21,

kdeep 5 2 3 1024m2 s21, and kabyss 5 2 3 1023m2 s21. This

vertical diffusivity (see Fig. 1e) profile is similar to that used

by Nadeau et al. (2019). This profile is very idealized but

emulates an increase in vertical mixing below 2000-m depth

that is seen in observations (Nikurashin and Ferrari 2013).

The vertical diffusivity profile for temperature and salinity is

used for all tracers in the experiments below unless otherwise

specified.

To trace where water was last ventilated, the model includes

seven idealized water-mass tracers, each of which is associated

FIG. 1. (a) Surface wind stress (Pa), (b) surface temperature relaxation profile (8C), and (c) surface freshwater flux (31028 m s21).

(d) Surface regions associated with each of the passive tracers. The concentration of each tracer is relaxed to one in its associated surface

region and to zero at the surface outside this region. The westernmost 208 of the domain is repeated to the right of the figure. In the small

cross-hatched region at 708S and 08, and repeated at 708S and 2108E, the surface freshwater flux is set to223 1027 m s21 for the modern

ocean and 22.4 3 1026 m s21 for the shoaled upper cell to simulate a polynya. (e) The original vertical diffusivity profile, used for

temperature and salinity in all of the experiments shown here.

1 In Ferrari et al. (2014), the expanded area of buoyancy loss at

the LGM causes shoaling, but Jansen and Nadeau (2016) show that

increasing the size of the buoyancy loss has a similar effect on the

depth of the upper cell.
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with a region of the surface ocean as shown in Fig. 1d. Each

tracer is relaxed to one at the surface inside its corresponding

region and is relaxed to zero at the surface outside its corre-

sponding region. Hence, in equilibrium the concentration of a

tracer at any grid point in the domain indicates what fraction of

water at that grid point was last ventilated in that tracer’s

corresponding region.

In some of the experiments shown here, the isopycnal-

mixing coefficient for these idealized water-mass tracers,

ktr
redi, is varied. The isopycnal-mixing coefficient for tempera-

ture and salinity is held constant at 500m2 s21. Hence the ad-

vective circulation does not change when ktr
redi is modified.

The overturning for the modern and SUC experiments is

shown in Fig. 2. This overturning is calculated in density

space using

c( ~y,b)[
1

T

ðT
0

ðxe
xw

ð0
2H

yH [b(x, y, z, t)2 ~b]dz dx dt, (3)

where y is the Eulerian plus parameterized eddy velocity, H is

the total depth, xe is the eastern edge of the basin, xw is the

western edge of the basin, T is the averaging time scale (100

years is chosen here), and H is the Heaviside function. The

coordinates (~t, ~x, ~y, ~z) represent (t, x, y, z) in buoyancy space

rather than depth space, as described by Young (2012). The

residual overturning streamfunction c is the zonally integrated

transport of water above b5 ~b. The streamfunction in density

space is transformed back into depth space using zonal-mean

isopycnal height,

Z( ~y, b)[2
1

T

ðT
0

1

x
e
2 x

w

ðxe
xw

ð0
2H

H b(x, y, z, t)2 ~b
h i

dz dx dt.

(4)

For ease of comparison with other models and paleoproxies,

the overturning streamfunction calculated in depth coordi-

nates is provided in the online supplemental material, and the

tracer distributions shown below in Figs. 3–8 are zonally and

time-averaged in depth space rather than in density space.

In the modern simulation, our model forms 20 Sv (1 Sv [
106m3 s21) of deep water in the upper cell, consistent with

estimates of NADW formation by Lumpkin and Speer (2007)

and Talley (2013). This water sinks to a depth of 4000m, the

very bottom of our model domain. About 13 Sv of bottom

water flows northward across 308S: 10 Sv of this flows into the

Pacific and 3 Sv flows into the Atlantic. As explained in Jones

and Abernathey (2019), our model forms less bottom water

than the real ocean, partly because our model has a smaller

area. In addition, our domain only extends to 4000-m depth, so

slightly less AABW enters the deep Atlantic in our model than

in observations of the modern ocean.

In the SUC simulation, our model forms 15 Sv of North

Atlantic Water in the upper cell, and about 17 Sv of bottom

water flows northward across 308S. The upper cell only reaches

FIG. 2. Residual overturning streamfunction (colors; contour interval of 2 Sv), as defined in Eq. (3), transformed into z space using

Eq. (4) and the zonally averaged depth of buoyancy surfaces (thin black contours; contour interval of 0.002m2 s21) in the (top) Atlantic

and (bottom) Pacific for (left) the modern ocean and (right) the shoaled upper cell. The vertical yellow line marks 358S: south of this line

the overturning streamfunction is calculated over the whole domain rather than over each basin. The thick black solid contour shows the

isopycnal bm, which approximately divides the northward-flowing water in the Atlantic’s upper cell from the southward-flowing water in

the Atlantic’s upper cell. The thick dashed contour shows isopycnal b5 0.01m2 s21, which defines the upper surface of layer 2 in the two-

layer version of the 1D model.
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to about 2500-m depth in the zonal average. The abyssal cell

only has a strength of about 3 Sv in the Southern Ocean

(Fig. 2), so our simulations may underestimate the role of ad-

vection in that region. The SUC simulation is also slightly more

stratified than the modern simulation. There is some limited

evidence that the LGM ocean was indeed more stratified than

the modern ocean (Adkins et al. 2002; Lund et al. 2011).

3. Results of the 3D simulations

a. Comparing modern and SUC tracer distributions

In our first experiment, the isopycnal mixing coefficient for

tracers, ktr
redi, is set to 500m2 s21, equal to the isopycnal mixing

coefficient for temperature and salinity. Only the circulation is

varied. The concentration of the NAW tracer, which repre-

sents water originating at the surface of the North Atlantic, is

shown in Fig. 3 for the modern and SUC ocean circulations.

Shoaling the Atlantic’s upper cell leads to a significant reduc-

tion in how much NAW reaches the deep Atlantic Ocean, and

to a small decrease in how much NAW reaches the deep

Pacific Ocean.

For our modern ocean circulation, close to 100% of water in

the deep North Atlantic originates at the surface of the North

Atlantic (top-left panel of Fig. 3). Our model slightly over-

estimates the amount of North Atlantic Water reaching the

deep Atlantic when compared with modern observations by

Johnson (2008). Because of the limited depth of our domain,

the model underestimates the amount of AABW that enters

the modern Atlantic Ocean. However, we do not expect this to

qualitatively affect our results.

Figure 4 shows the mean water-mass tracer concentrations

in the deep Atlantic between 308S and the equator in several of

our experiments. The SUC concentration of NAW tracer for

ktr
redi 5 500m2 s21 in the deep Atlantic between 308S and the

equator is about 0.65, which is approximately consistent with

LGM observations by Howe et al. (2016) and Oppo et al.

(2018). In our model, NADW concentrations above 0.8 persist

into the Southern Hemisphere and are concentrated around

1200m depth. This high peak is not seen in the observations:

this could be caused by the sparseness of data available, but it

could also indicate that large-scale circulation change is not the

only mechanism that caused changes in water-mass distribu-

tions at the LGM.

Given that the upper and abyssal cells of the overturning

circulation appear to be totally separate in Fig. 2, it is somewhat

surprising that the abyssal Atlantic is not composed entirely of

Southern Ocean water. We would therefore like to understand

how North Atlantic Water enters the abyssal cell for our

shoaled-upper-cell circulation. In observations and in models

with realistic sea ice, air–sea gas exchange is inhibited in areas

with high sea ice concentrations. Hence in models with sea ice,

North AtlanticWater that passes close to the surface under sea

ice generally retains some of its properties as it sinks in the

abyssal cell (Nadeau et al. 2019). Our idealized model does not

include sea ice at the surface, so in the mixed layer of the

Southern Ocean, the concentration of NAW tracer is close to

zero. Therefore, for North Atlantic surface waters to enter the

FIG. 3. NAW tracer concentration (colors), zonally averaged in depth space in the (top) Atlantic and (bottom) Pacific for (left) the

modern ocean and (right) the shoaled upper cell. The vertical yellow lines at 358 and 52.58S indicate where the short and long continents

end, respectively. The white contours show the meridional overturning streamfunction calculated in depth space. North of 358S the

streamfunction is calculated for each basin, and south of 358S it is calculated for the whole zonal extent of the domain. The red-outlined

box in the top-left panel shows the volume used for averaging in Fig. 4.
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deep Atlantic Ocean, they must not reach the mixed layer of

the Southern Ocean at all. For the SUC, North Atlantic Water

cannot enter the abyssal Atlantic by isopycnal diffusion alone,

because the deep Atlantic is much denser than the surface

North Atlantic. Instead NAW tracer must enter the abyssal cell

away from the mixed layer, either by advection or by vertical

diffusion.

To clarify howNorth AtlanticWater reaches the abyssal cell

in the SUC state, we want to test whether vertical diffusion is

transporting North Atlantic Water into the abyssal cell. We

reduce the vertical diffusivity used to transport the water-mass

tracers, ktr
y , to a constant value of 2 3 1025m2 s21 below the

mixed layer (ktr
deep 5ktr

abyss 5 0). Note that because the change

in ktr
y is applied to the passive tracers, not to temperature and

salinity, the velocities in this simulation remain the same as

before. They are still controlled by the original vertical diffu-

sivity profile, which increases toward the bottom of the ocean.

The concentration of the NAW tracer for this simulation is

shown in Fig. 5. The vertical diffusivity for water-mass tracers

is very small in this experiment, but about 40% of the water in

the abyssal Atlantic still originates at the surface of the North

Atlantic. This result strongly suggests that significant amounts

of North Atlantic Water are advected from the upper cell into

the abyssal cell in our SUC state.

To characterize advection from the upper cell to the

abyssal cell, we plot the zonally integrated diapycnal trans-

port in the Atlantic in Fig. 6. We estimated the diapycnal

transport from the divergence of the isopycnal volume

transport in density coordinates, which we obtain from the

MITgcm’s layers package. For the modern ocean circulation,

there is significant diapycnal transport toward higher densi-

ties south of the equator (Fig. 6a), with about 7 Sv of

downward volume transport at 2000-m depth (Fig. 6c). For

the SUC, there is significant diapycnal transport toward

higher densities across most of the Atlantic (Fig. 6b), with

about 4 Sv of downward transport across 2000m between

368S and the equator (Fig. 6c). For the SUC, the depth of this

downwelling corresponds with the division between the two

cells, so this downwelling is likely to transport NAW from

the upper cell to the abyssal cell. These downward diapycnal

velocities are qualitatively similar to those found by Kunze

(2017a, see the top-right panel of his Fig. 6). Kunze (2017a)

inferred these velocities from observationally derived maps

of vertical diffusivity.

FIG. 4. Concentration of the seven water-mass tracers shown in Fig. 1d in Atlantic Ocean

between 308S and 08 and below 2000m (see also the red-outlined box in Fig. 3) in 10 of the

experiments, shown here.
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b. Uniform changes to the isopycnal mixing coefficient

The isopycnal-mixing coefficientmay have been larger at the

LGM. In this section, we assess whether an increase in the

isopycnal-mixing coefficient could reduce the concentrations

of NAW in the deep ocean, and whether the size of this re-

duction is significant relative to the reduction caused by a

shoaling of the AMOC’s upper cell. Figures 7a–d show the

concentration of NAW tracer in the Atlantic basin in the

modern ocean and for the SUC when ktr
redi 5 50m2 s21 and

when ktr
redi 5 5000m2 s21. Figures 7e and 7f show the difference

between ktr
redi 5 5000m2 s21 and ktr

redi 5 50m2 s21 for the mod-

ern and SUC circulations.

Figure 7 shows that both shoaling the upper cell of the MOC

and increasing the isopycnal-mixing coefficient reduce the

concentration of North Atlantic Water in the deep Atlantic.

Shoaling the upper cell affects Atlantic tracer concentrations

north of the channel and below 1000-m depth. Changing the

isopycnal mixing coefficient affects Atlantic tracer concentra-

tions in the Southern Hemisphere more than it affects tracer

concentrations in the Northern Hemisphere, and this Southern

Hemisphere change is more pronounced in the upper cell of

the overturning circulation.

Shoaling the upper cell reduces the deep Atlantic ocean

NAW tracer concentration by about 0.15 for fixed ktr
redi (cf. red

bars in Fig. 4). Increasing the isopycnal-mixing coefficient from

ktr
redi 5 50m2 s21 to ktr

redi 5 5000m2 s21 has a larger effect on the

deep ocean for the modern ocean circulation, and a smaller

effect for a shoaled upper cell, but in both cases this effect has

the same order of magnitude as the effect of changing the

circulation.

c. Nonuniform changes to the isopycnal mixing coefficient

Observations show that the isopycnal-mixing coefficient is

higher in the surface ocean than in the deep ocean (Cole et al.

2015; Roach et al. 2018). Hence, experiments in which the

isopycnal mixing coefficient is uniform in depth are unrealistic.

Next, we performed experiments in which the isopycnal-

mixing coefficient for idealized tracers was only changed

above a specific depth level d, according to

k
pr
(d)5 5000

�
0:5051 0:495 tanh

�
z1 d

200

��
. (5)

In other words, ktr
redi was set to 5000m2 s21 above d and was

smoothly tapered to 50m2 s21 below d.

In one of these experiments d5 1000m, and in the other d5
2000m. Figure 8 shows the concentration of NAW tracer in

these two experiments relative to an experiment in which

ktr
redi 5 50m2 s21. When the isopycnal-mixing coefficient is

boosted only above 1000m, the effects on tracer distributions

are mostly confined above 1000m (Figs. 8b,c). When the

isopycnal-mixing coefficient is boosted above 2000m, NAW

tracer concentrations decrease throughout the whole water

column and particularly in the abyssal cell (Figs. 8e.f), even

though there is no change to the isopycnal-mixing coefficient

below 2000m. This indicates that changes in the strength of

isopycnal mixing in the top 2000m can have a large impact on

deep-ocean tracer distributions. This impact is similar to the

impact of shoaling the upper cell (Fig. 4).

d. Summary of results from the 3D model

Figure 4 shows the concentration of each water-mass tracer

in the Atlantic between 308S and 08 and below 2000m for most

of the experiments we performed. This region is chosen be-

cause it is comparatively well sampled in proxy measurements

of the LGM. Figure 4 shows that, for both modern and shoaled

circulations, as isopycnal mixing is increased, the concentra-

tion of North Atlantic Water in the South Atlantic decreases,

and that this water is replaced by AABW. Elevating the iso-

pycnal mixing coefficient above 1000m has basically no effect

on tracer concentrations in the deep ocean, but elevating

the isopycnal-mixing coefficient above 2000m decreases the

amount of North Atlantic Water and increases the amount of

AABW tracer in the deep ocean.

4. 1D advection–diffusion model

The 3D model shows that isopycnal mixing above 2000m is

an important control on deep-ocean water-mass distributions,

both today and at the LGM. However, it is not clear whether

zonal correlations between velocity and tracer concentration

impact tracer transport in the 3D experiments. In this section,

we explore how different isopycnal mixing patterns affect

deep-ocean tracer distributions using a 1D advection–diffusion

FIG. 5. NAW tracer concentration in the (top) Atlantic and

(bottom) Pacific for the SUC circulation with ktr
y 5 23 1025 m2 s21,

with ktr
deep 5ktr

abyss 5 0. The vertical yellow lines at 358 and 52.58S
indicate where the short and long continents end, respectively. The

white contours show the meridional overturning streamfunction

calculated in depth space. North of 358S the streamfunction is

calculated for each basin, and south of 358S it is calculated for the

whole zonal extent of the domain.Note that themodified ktr
y acts on

passive tracers only, so the velocity field in this experiment is the

same as in all of the modern ocean experiments.
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model. By eliminating many of the complexities of the 3D

model, the 1D model clarifies the mechanisms that influence

deep-ocean tracer concentrations when the isopycnal-mixing

coefficient is changed.

a. Formulation of the 1D model

Initially, we set up this 1D model to predict tracer distribu-

tions below the dividing isopycnal bm (the thick black contour

in Fig. 2) by making various simplifying assumptions about

tracer advection and diffusion. The isopycnal bm is chosen

because it passes through the maximum of the upper cell of

the MOC, as in Jones and Cessi (2017). Hence in the Atlantic

basin of the modern ocean, transport above bm is predomi-

nantly northward and transport below bm is predominantly

southward.

In our 3D model, a passive tracer C obeys the advection–

diffusion equation,

›C

›t
1 (uC)

x
1 (yC)

y
1 (wC)

z
5Redi terms1 (kC

z
)
z
, (6)
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and the velocities (u, y,w) are the sum of the resolved Eulerian

velocity and the parameterized eddy velocity. For our 1D

model, we integrate this equation from the bottom (z52H) to

the dividing isopycnal z5 z(bm), move the derivatives outside

the integrals, and move to the buoyancy coordinate system

(~t, ~x, ~y, ~z) described by Young (2012), to give

�ðz(bm)
2H

C dz

�
~t

1

�ðz(bm)
2H

uC dz

�
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1

�ðz(bm)
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yCdz
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�
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1 kC
z
j
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, (8)

where -/bz is the diapycnal velocity at z 5 z(bm). We ap-

proximate C to be constant in the vertical direction below bm:

Figs. 7a,c and 8b,e show that this is a good approximation. We

also set h 5 z(bm) 1 H and (U, V)5
Ð z(bm)
2H

(u, y)dz, so

(Ch)~t 1 (UC)
~x
1 (VC)

~y
1

-
b
z

C
z(bm)

���
5 (ktr

redihC~x
)
~x
1 (ktr

redihC~y
)
~y
1kC

z z(bm)
,

��� (9)

where the overbar indicates a mean in the vertical direction

below isopycnal bm.

We divide the domain into three regions: the Atlantic basin,

the Pacific basin, and the channel. We assume that the tracer

concentration is approximately zonally uniform in each region.

Hence, Eq. (9) can be zonally integrated in each of these re-

gions to give

FIG. 6. Diapycnal velocity for (a) the modern ocean and (b) the shoaled upper cell, zonally integrated across the Atlantic and trans-

formed into z space using Eq. (4). Vertical orange lines in (a) and (b) indicate 368S and the equator. (c) The diapycnal transport between

368S and the equator.
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whereLx is the width of the basin or channel. This 1D equation

forms the basis of our 1D advection–diffusion model. Inputs to

the 1Dmodel are 1) boundary conditions in theNorthAtlantic,

North Pacific, and Southern Ocean; 2) smoothed idealized

versions of isopycnal depth z(bm), shown by the dashed line in

the top panel of Fig. 9; 3) smoothed meridional transports,

VLx, which are shown by the dashed lines in the second panel

of Fig. 9; and 4) values for Lx, k
tr
redi, and k.

The diapycnal velocity -/bz is defined using the divergence

of the meridional transport. When -/bz is positive, Cjz(bm) is

approximated by the upstream tracer concentration C. When

-/bz is negative, Cjz(bm) is approximated by the surface tracer

concentration Cs. Concentration Cs is set to 1 in the region

associated with the chosen tracer and Cs is set to 0 outside this

region. The vertical tracer gradient across the isopycnal bm that

is used in the vertical diffusion term in Eq. (10) is approxi-

mated by

C
z z(bm)

’
C

s
2C

h
.

����� (11)

Equation (10) is solved numerically by stepping forward in

time until the tracer concentration reaches equilibrium for two

different water-mass tracers: the NAW tracer and the AABW

FIG. 7. NAW tracer concentration in the Atlantic basin for uniform isopycnal mixing in (a) the modern ocean with ktr
redi 5 50m2 s21,

(b) the shoaled upper cell with ktr
redi 5 50m2 s21, (c) the modern ocean with ktr

redi 5 5000m2 s21, and (d) the shoaled upper cell with

ktr
redi 5 5000m2 s21. Also shown is NAW tracer concentration for ktr

redi 5 5000m2 s21 minus ktr
redi 5 50m2 s21 for (e) the modern ocean and

(f) the shoaled upper cell. The vertical yellow lines at 358 and 52.58S indicate where the short and long continents end, respectively. The

white contours show the meridional overturning streamfunction calculated in depth space. North of 358S the streamfunction is calculated

for each basin, and south of 358S it is calculated for the whole zonal extent of the domain.
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tracer. These tracers are advected and diffused using identical

velocities and isopycnal mixing coefficients, but they have

different boundary conditions. For NAW tracer, the boundary

conditions are C5 1 at 708N in the Atlantic, C5 0 at 708S, and
dC/dy5 0 at 708N in the Pacific. For AABW tracer, the

boundary conditions are C5 0 at 708N in the Atlantic, C5 1 at

708S, and dC/dy5 0 at 708N in the Pacific. For NAW tracer, Cs

is set to 0 outside the North Atlantic box and is set to 1 inside

the NorthAtlantic box. In both cases the tracer transport at the

northern edge of the channel is matched to the transport at the

southern edge of each basin at 468S. The location 468S is chosen
because it is the location of the zero-wind stress-curl line, which

approximately divides the eastward flow of the Antarctic

Circumpolar Current from the gyres.

b. Predictions of the 1D model for the modern ocean
circulation with uniform isopycnal mixing

The resulting tracer distributions for ktr
redi 5 50m2 s21, ktr

redi 5
500m2 s21, and ktr

redi 5 5000m2 s21 in the modern ocean are

shown in the top two rows of panels in Fig. 10, with the solid

lines representing tracer distributions from the 3D model,

zonally and depth averaged below bm, and the dashed lines

representing the tracer distributions from the 1D model. For

the modern ocean circulation, the model successfully predicts

the concentration of NAW tracer and AABW tracer in the

deepAtlantic Ocean and in the channel. The 1Dmodel slightly

overestimates Pacific NAW concentrations and underesti-

mates Pacific AABW concentrations for low isopycnal mixing,

perhaps because meridional velocities that cancel in the zonal

and vertical averagemove NAW to the surface of the Southern

Ocean. This transport is too small to be important in regimes

with higher isopycnal mixing coefficients.

For the most part, these results validate the assumptions of

the 1Dmodel, indicating that tracer concentrations in the deep

ocean are set by a combination of the boundary conditions, the

meridional velocity (including the parameterized eddy veloc-

ity), depth and zonally averaged below bm, and the isopycnal

mixing coefficient, ktr
redi. The effects of diapycnal mixing are

negligible in most locations, but act to reduce the concentra-

tion of NAW in the deep North Pacific. The results also indi-

cate that vertical variations in tracer transport below bm and

zonal nonuniformities in the meridional velocity do not influ-

ence tracer distributions very much. As described in Jones and

Abernathey (2019), the main effect of increasing ktr
redi in our

modern experiments is a reduction in the amount of NADW in

the deep Pacific (cf. black lines in Fig. 10c with Fig. 10a), which

is compensated by an increase inAABW in the deep Pacific (cf.

black lines in Fig. 10f with Fig. 10d). Increasing ktr
redi also re-

duces the amount of North Atlantic Water in the deep South

Atlantic: again this is compensated by an increase in AABW in

this region (cf. red lines in Figs. 10a,d with Figs. 10c,f).

To better understand the mechanisms that determine the

tracer concentrations, we examine the different components of

the tracer flux. The bottom row of panels in Fig. 10 shows the

meridional advective and diffusive transport of North Atlantic

Water in the 1D model for ktr
redi 5 50m2 s21, ktr

redi 5 500m2 s21,

and ktr
redi 5 5000m2 s21. For the modern overturning circula-

tion, the net volume transport below bm in the channel is small,

with northward transport canceling with southward transport

in the abyssal cell, as shown in the left panels of Fig. 2. We

represent the volume transport in the channel below bm in the

1Dmodel as zero for themodern ocean, as shown in the second

panel of Fig. 9. As a result, the advective transport in the

channel region is zero, as shown in Figs. 10g–i, and diffusive

transport controls tracer concentrations in the channel.

For ktr
redi 5 50m2 s21 (Fig. 10g), the advective NAW tracer

transport dominates the diffusive NAW tracer transport in the

Atlantic and Pacific basins (cf. red and black lines in Fig. 10g).

In the channel, where the advective NAW tracer transport is

zero, there is a small southward diffusive transport of NAW

FIG. 8. Isopycnal mixing profile for d5 (a) 1000 and (d) 2000m. Also shown is NAW tracer concentration for d5 1000m minus tracer

concentration for ktr
redi 5 50m2 s21 in (b) the modern ocean and (c) the shoaled upper cell and for d5 2000m minus tracer concentration

for ktr
redi 5 50m2 s21 in (e) the modern ocean and (f) the shoaled upper cell.
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tracer (blue dotted line in Fig. 10g). Most of the southward

NAW tracer transport in the South Atlantic feeds northward

NAWtracer transport in the SouthPacific, leading to highNAW

tracer concentrations in the deep Pacific (black lines in Fig. 10a).

The left part of Fig. 11 summarizes this result: for low isopycnal

mixing coefficient, advection moves NAW tracer into the deep

Pacific Ocean.

For ktr
redi 5 500m2 s21, advective transport still dominates in

the Atlantic and Pacific basins (red and black dashed–dotted

lines in Fig. 10h), but about half of the southward advective

transport in the Atlantic feeds southward diffusive transport of

tracer in the channel (blue dotted line in Fig. 10h): this tracer is

destroyed at the surface of the Southern Ocean. For ktr
redi 5

5000m2 s21, diffusive transport dominates over advective

transport in the South Atlantic (red dotted line in Fig. 10i), and

most NAW tracer is transported to the surface of the Southern

Ocean by diffusive transport in the channel. Hence, much less

NAW tracer is advected into the deep Pacific (black line in

Fig. 10c). Figure 11 illustrates this: when the isopycnal mixing

coefficient is increased, isopycnal mixing moves NAW tracer

toward the surface of the Southern Ocean, where it is replaced

with AABW tracer.

c. Predictions of the 1D model for the modern ocean
circulation with nonuniform isopycnal mixing

The results above suggest that isopycnal mixing is most im-

portant in the upper part of the Southern Ocean, where iso-

pycnals that extend into the deepAtlantic reach the surface. To

test this, we looked at how a meridionally varying isopycnal

mixing coefficient affects ocean tracer distributions in the 1D

model. We chose to change the isopycnal-mixing coefficient

by a smaller factor in these experiments to better model pos-

sible spatial variations in the magnitude of isopycnal mixing.

Two different distributions of the isopycnal-mixing coeffi-

cient are chosen (bottom panel of Fig. 9): one distribution has a

larger isopycnal-mixing coefficient south of 318S and one dis-

tribution has a larger isopycnal-mixing coefficient south of 568
S. Both distributions have ktr

redi 5 500m2 s21 throughout most

of the basin, and ktr
redi 5 1500m2 s21 in the far south of the

Southern Ocean.

When the isopycnal mixing coefficient is increased to

1500m2 s21 south of 318S the amount of NAW tracer reaching

the deep Pacific decreases (cf. the black dashed lines in Fig. 12a

to Fig. 10b). The NAW tracer concentration in the Atlantic

basin is unaffected north of about 318S (cf. the red dashed

lines in Fig. 12a with Fig. 10b). This confirms that the

isopycnal-mixing coefficient in the Southern Ocean is a

strong control on deep Pacific water-mass concentrations

but has a smaller effect on deep North Atlantic water-mass

concentrations.

When the isopycnal mixing coefficient is increased to

1500m2 s21 south of 568S, there is a smaller change in NAW

tracer concentration in the deep Pacific (cf. the black dashed

lines in Fig. 12b to Fig. 10b). This shows that the isopycnal-

mixing coefficient must be elevated throughout the Southern

Ocean in order to effectively transport NAW to the surface of

the Southern Ocean. This result suggests a new mechanism by

which changing the position of Southern Ocean winds may

influence deep-ocean water-mass distributions.

d. Predictions of the 1D model for the shoaled upper cell

The 1D model does not predict SUC tracer concentrations

successfully (Fig. 7 in the online supplemental material). In this

regime, the assumption that the tracer concentration below bm
is constant in the vertical does not hold (see the top-right panel

of Fig. 3). In other words, vertical variations in the velocity

below bm are important for tracer transport by the shoaled-

upper-cell circulation.

The 1D model described above was extended to better

model tracer transport by the shoaled-upper-cell circulation.

An additional layer was added to the model. This extension

significantly complicates the 1D model, and it is harder to

draw clean mechanistic conclusions from this two-layer ver-

sion of the model. However, the success of the two-layer

version of the model, as described below, confirms that ver-

tical variations in velocity are an important factor in deter-

mining deep-ocean tracer concentrations for the shoaled

upper cell.

For this two-layer version of the model, the first layer is

between bm and b 5 0.01m2 s21, and the second layer is

FIG. 9. (top) Depth of isopycnal bm in the modern ocean for the

3D primitive equation model (solid lines) and the analytical model

(dashed lines). (middle) Volume transport below isopycnal bm in

the modern state for the 3D primitive equation model (solid lines)

and the analytical model (dashed lines), in the Atlantic (red),

Pacific (black), and channel (blue). (bottom) Isopycnal mixing

coefficient for the 1D model with meridionally varying isopycnal-

mixing coefficient.
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between the bottom and b5 0.01m2 s21;C1 is the mean tracer

concentration in the layer between bm and b 5 0.01m2 s21

and C2 is the mean tracer concentration in the layer between

the bottom and b 5 0.01m2 s21. For NAW tracer, the second

layer has boundary conditions C2 5 0 at 708S and dC2/dy5 0

at 708N. The first layer has the same boundary conditions

as before.

The tracer is evolved according to
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where Cs,1 refers to Cs when the surface layer is upstream and

C1 when layer 1 is upstream andC1,2 refers toC1 when layer 1 is

upstream and to C2 when layer 2 is upstream.

The vertical diffusion term between the two layers is ap-

proximated as
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The layer depths and volume transports used in the two-layer

version of the 1D model are shown in Fig. 13. In this version of

the 1D model, the channel edge is moved to 358S, where the

short continent ends. The isopycnal b 5 0.01m2 s21, which

defines the upper surface of layer 2, reaches the bottom of the

ocean just north of 508N. When b5 0.01m2 s21 is within 100m

of the bottom, the vertical diffusion of tracer is reduced to zero.

This is a simplification of a real physical effect: the diffusivity

decreases toward the bottom of the ocean within the bottom

boundary layer (Ferrari et al. 2016).

The resulting tracer distributions are shown in Fig. 14.

Overall, the two-layer version of the 1D model performs well

for the shoaled upper cell. For small isopycnal diffusivities, the

two-layer version of the 1D model predicts deep-ocean tracer

concentrations successfully. For large isopycnal diffusivities,

the model underestimates the amount of NAW tracer in the

FIG. 10. Concentration of (a)–(c) NAW tracer and (d)–(f) AABW tracer in the 3D model, integrated over each basin and below

isopycnal bm (solid lines), and in the 1D advection–diffusion model (dashed lines). (g)–(i) Meridional advective (dash–dotted lines) and

diffusive (dotted lines) transport of NAW tracer in the 1D model.
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lower layer, because the southern boundary condition is no

longer accurate. Although it is difficult to draw mechanistic

conclusions from the two-layer model, its success shows that

the same advective–diffusive balance governs the SUC circu-

lation and the modern ocean circulation.

5. Discussion and conclusions

This paper uses a 3D primitive equation model and a 1D

advection–diffusion model to examine how tracer distributions

in the deep ocean depend on the ocean circulation and on the

isopycnal-mixing coefficient. In the 3D model, we compared

two states of the ocean circulation, one in which the upper cell

reached 4000-m depth (the ‘‘modern ocean’’ circulation), and

one in which the upper cell only reached about 2500-m depth in

the North Atlantic (the ‘‘shoaled upper cell’’). We used ide-

alized passive tracers to understand the pathways of water

masses through these circulations for various different values

of isopycnal mixing. The variable isopycnal mixing was applied

to our passive water-mass tracers and not to temperature and

salinity in order to distinguish the effects of changes in circu-

lation versus changes in mixing.

Our model does not include sea ice, so North AtlanticWater

that reaches the mixed layer of the Southern Ocean is venti-

lated, and its water-mass tracer values are reset to those of

AABW. When the upper cell shoals in our model, significant

FIG. 12. (a),(b) Concentration of NAW tracer predicted by the one-layer 1D advection–diffusion model. (c),(d)

Meridional advective transport of NAW tracer in the 1D model (dash–dotted lines) and meridional diffusive

transport of NAW tracer predicted by the 1D advection–diffusion model (dotted lines).

FIG. 11. Schematic of the transport of NADW (left) when isopycnal mixing is small and (right) when it is large.
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quantities of North Atlantic Water reach the abyssal cell in the

Atlantic basin, indicating that there must be an interior path-

way for North AtlanticWater to reach the abyssal cell. We find

that North Atlantic Water reaches the abyssal cell via interior

downwelling throughout the Atlantic basin, due to our chosen

profile of vertical diffusivity, which increases with depth

(Ferrari et al. 2016). Through this mechanism, North Atlantic

Water is entrained into the abyssal cell without first entering

the mixed layer in the Southern Hemisphere.

In our 3Dmodel, changing ktr
redi by a factor of 10 in the upper

2000 m of the ocean has a similar-sized impact on the

concentration of North Atlantic Water in the deep Atlantic

between the equator and 308N to shoaling the upper cell

(Fig. 4). Abernathey and Ferreira (2015) show that increasing

wind over the Southern Ocean causes isopycnal mixing to in-

crease all the way down to 2000-m depth. A factor of 10 in-

crease in isopycnal mixing strength at the LGM is unrealistic,

because SouthernOcean winds probably did not increase more

than 50% during this period. We conclude that if Southern

Ocean winds changed their strength and/or position at the

LGM, changes to the strength of isopycnal mixing in the upper

ocean may modestly contribute to observed differences in

deep-ocean tracer distributions between themodern and LGM

oceans. Further research in more realistic models is needed to

determine the size of this contribution.

We also developed a 1D model that successfully predicts

deep-ocean tracer distributions in the 3Dmodern experiments.

This 1D model elucidates why deep Pacific tracer concentra-

tions are so sensitive to upper ocean isopycnal mixing: when

isopycnal-mixing in the Southern Ocean is strong, a large

amount of NADW is transported southward by isopycnal

mixing in the Southern Ocean, where this NADW is destroyed

when it reaches the mixed layer. This strong isopycnal mixing

reduces the amount of NADW in the SouthAtlantic, inhibiting

advection of NADW from the South Atlantic into the South

Pacific. Hence, increasing the isopycnal mixing coefficient in

the Southern Ocean reduces the transport of NADW into the

deep North Pacific. In the SUC state, isopycnal mixing trans-

ports abyssal NADW southward in both basins.

The 1D model indicates that the strength and extent of

isopycnal mixing in the Southern Ocean regulates how much

NADW reaches the surface of the Southern Ocean. This

FIG. 14. Concentration of NAW tracer in the 3Dmodel, integrated over each basin (solid lines), and in the 1D advection–diffusion model

(dashed lines) in (a)–(c) layer 1 and (d)–(f) layer 2.

FIG. 13. (top) Depth of the top layer (orange) and the bottom

layer (magenta) for the 3D primitive equation model (solid lines)

and the analytical model (dashed lines). Also shown is volume

transport in the (middle) top and (bottom) bottom layers for the

3D primitive equation model (solid lines) and the two-layer ana-

lytical model (dashed lines) in the Atlantic (red), Pacific (black),

and channel (blue).
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suggests that the strength of isopycnal mixing in the Southern

Ocean is important for facilitating the exchange of carbon and

heat from the mixed layer into the deep ocean. Deep-ocean

storage of heat and carbon has a longer time scale than upper

ocean storage. More research on the role of isopycnal mixing is

needed to explore the ramifications of this finding for future

climate predictions.
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